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ABSTRACT: The vertically integrated zonal momentum balance of the Antarctic Circumpolar Current (ACC) is domi-
nated by wind stress at the surface and topographic form stress (TFS) at the bottom. It has been argued that wind stress is
transferred from the surface to the bottom by transient baroclinic eddies, via interfacial form stress, to establish the balance
between wind stress and TFS. However, ocean models indicate TFS responds rapidly to changes in wind stress, suggesting
that barotropic processes play a role in this balance. We investigate the dynamics governing the wind–TFS balance of the
ACC and its response to wind using an idealized, wind- and buoyancy-driven channel model. We show that the balance is
established and maintained at equilibrium by the barotropic dynamics. The balance results from the continuity of the flow,
in which the Ekman transport at the surface, balanced by wind stress, is compensated by a return flow at depth, balanced
by TFS. This leads to a match between wind stress and TFS which is independent of momentum stresses in the interior.
Transient baroclinic eddies oppose the wind-driven isopycnal steepening via eddy buoyancy fluxes, which act to flatten the
isopycnals. The eddy-driven isopycnal flattening corresponds to a reduction in the zonal geostrophic shear and thus a redis-
tribution of the zonal momentum in the interior via eddy momentum stresses. The maintenance of the vertically integrated
ACC momentum balance by the barotropic dynamics explains the fast response of the wind–TFS balance to changes in
wind forcing.
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1. Introduction

The Antarctic Circumpolar Current (ACC) flows around
the Antarctic continent without being blocked by lateral
boundaries in the latitude band of Drake Passage. The verti-
cally integrated zonal momentum balance of the ACC is dom-
inated by wind stress at the surface and topographic form
stress (TFS) at the bottom (e.g., Munk and Palmén 1951).
The TFS is generated by the zonal flow interacting primarily
with large-scale topographic ridges (e.g., Masich et al. 2015),
leading to the formation of ACC meanders and the associated
pressure difference across a ridge (e.g., Naveira Garabato
et al. 2013; Stewart and Hogg 2017; Bai et al. 2021; Zhang et al.
2023). The momentum balance of the ACC, in particular how
the wind stress is communicated from surface to the bottom,
has been the focus of research for many decades (e.g., Munk
and Palmén 1951; Tréguier and McWilliams 1990; Olbers et al.
2004; Howard et al. 2015). It has been proposed that the mo-
mentum imparted by the wind stress at the surface is trans-
ferred to the bottom via isopycnal form stresses [vertical
Eliassen–Palm (EP) flux] associated with mesoscale eddies
(e.g., Johnson and Bryden 1989; Ward and Hogg 2011; Howard
et al. 2015). Johnson and Bryden (1989) assumed that the verti-
cal EP flux throughout the water column matches the wind

stress at the surface and then used a downgradient eddy heat
flux parameterization, relating the EP flux to the vertical shear
of the time-mean ACC, to make a prediction of the ACC shear
(and transport) in terms of wind stress. Based on their theoreti-
cal model, Johnson and Bryden (1989) put forward a mechanis-
tic description of the ACC spinup and equilibration, in which
wind stress initially accelerates the ACC zonal flow in the sur-
face layers of the ocean; then, eddies develop from baroclinic
instability and transfer the zonal momentum downward, thus
deepening the ACC zonal flow until it reaches topography at
the bottom, where eddy momentum stresses (EP flux) are bal-
anced by TFS.

In addition to the vertical transfer of the zonal momentum,
transient baroclinic eddies have also been shown to flatten the
isopycnals via the eddy-induced overturning circulation (e.g.,
Marshall and Radko 2003; Nikurashin and Vallis 2011). The
meridional overturning circulation is described as a residual
overturning circulation between the wind-driven and eddy-
induced overturning circulations. Wind stress drives the Ekman
transport at the surface and corresponding upwelling and
downwelling in the interior, forming an overturning circula-
tion, also known as the Deacon cell (Döös and Webb 1994),
that steepens isopycnals in the ocean interior. Baroclinic in-
stability resulting from the vertical ACC shear due to steep-
ening isopycnals leads to the generation of mesoscale eddies.
On average, the effect of the eddies can be described as an
eddy-induced overturning circulation that flattens the isopycnals,Corresponding author: Xihan Zhang, xihan.zhang@utas.edu.au
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thus opposing the wind-driven circulation (Andrews and McIntyre
1976). The residual overturning circulation is balanced dia-
batically by buoyancy fluxes at the surface and diapycnal
mixing in the interior (Marshall and Radko 2006; Ito and
Marshall 2008; Nikurashin and Ferrari 2013). In the absence
of diabatic forcing, the residual overturning circulation van-
ishes (e.g., Marshall and Radko 2003), leaving the eddy-
induced overturning circulation to cancel the wind-driven
overturning circulation.

Cancellation between the wind-driven and eddy-induced
overturning circulation in the buoyancy budget translates to a
match between wind stress at the surface and eddy momen-
tum stresses (EP flux) in the interior}an assumption made
by Johnson and Bryden (1989) in their theoretical model.
However, the residual overturning circulation does not vanish
in the ocean (e.g., Lumpkin and Speer 2007). For example,
Masich et al. (2018) diagnosed interfacial form stresses in the
Southern Ocean State Estimate (SOSE), showing that they
only approximately equaled the wind stress at the surface
within the Drake Passage latitude range. Moreover, the au-
thors found that while eddies transferred wind stress verti-
cally, the EP flux was not constant with depth, with its vertical
divergence balanced by the Coriolis force associated with the
residual overturning circulation (e.g., Rintoul et al. 2001;
Ward and Hogg 2011; Marshall et al. 2017).

Ward and Hogg (2011) and Howard et al. (2015) have ex-
plored the establishment of the ACC momentum balance
from rest. In contrast to the mechanistic description proposed
by Johnson and Bryden (1989), Ward and Hogg (2011) report
that during the model spinup from rest, in the absence of ed-
dies, TFS at the bottom develops within weeks after wind
stress is applied, indicating the importance of fast barotropic
dynamics for generating pressure difference across topography.
However, when transient eddies are generated from baroclinic
instability, in line with the mechanistic description of Johnson
and Bryden (1989), Howard et al. (2015) argue that the eddy in-
terfacial form stresses become responsible for the transfer of
wind stress from the surface through to TFS at the bottom. In
the limit of vanishing residual circulation, a match between
wind stress, eddy interfacial form stress, and TFS diagnosed in
various isopycnal models has been taken as confirmation that
the momentum imparted by the wind is transferred to the bot-
tom by eddies (e.g., Marshall et al. 1993; Ward and Hogg 2011;
Howard et al. 2015).

The sequential development of the ACC zonal flow and ver-
tical eddy momentum fluxes transferring momentum to the
bottom where it is balanced by TFS, as suggested by Johnson
and Bryden (1989), is not consistent with the spinup process
for different layers in isopycnal models (e.g., Ward and Hogg
2011). In addition, baroclinic dynamics are expected to adjust
on a slow (years) time scale (e.g., Howard et al. 2015). If baro-
clinic processes alone established the balance between wind
stress and TFS, that would imply a relatively slow response of
TFS to changes in wind. However, models (Masich et al. 2015;
Webb and de Cuevas 2007) show the vertically integrated mo-
mentum balance of the ACC responds rapidly to changes in
wind forcing. In particular, Webb and de Cuevas (2007) argue
for the role of the fast barotropic dynamics in maintaining this

balance. In this study, we explore the governing dynamics that
establish and maintain the vertically integrated momentum
balance of the ACC and describe the role played by the baro-
tropic and baroclinic dynamics using an idealized channel
model of the Southern Ocean. Following a similar approach to
Ward and Hogg (2011), we identify different stages of the
ACC spinup from rest. Specifically, we show that the baro-
tropic dynamics not only establish the vertically integrated
momentum balance between wind stress at the surface and
TFS at the bottom in the initial spinup stage, as suggested by
Howard et al. (2015), but they also maintain the balance in the
presence of transient baroclinic eddies at equilibrium. As a
consequence, the response of the ACC zonal momentum bal-
ance to changes in wind stress from equilibrium is governed by
barotropic dynamics and characterized by a fast (weeks) time
scale.

The paper is structured as follows. Governing equations,
our channel model configuration, and a set of experiments are
described in section 2. In section 3, we describe different
stages of the flow spinup from rest, during which the vertically
integrated momentum balance between wind stress and TFS
is established, and evaluate the role played in this balance
by the barotropic and baroclinic dynamics. The response of
the ACC momentum balance to a doubling of wind stress
from equilibrium is discussed in section 4. Finally, a summary,
discussion, and implications of the results are presented in
section 5.

2. Methods

a. Governing equations

In this study, we analyze the governing dynamics using the
depth-coordinate framework, in which the Boussinesq mo-
mentum, continuity, and buoyancy equations can be written
as follows (e.g., Vallis 2019):

­u

­t
1 u ? =u 1 fk 3 u 52=p 1 bk 1

­t

­z
, (1)

= ? u 5 0, (2)

­b
­t

1 u ? =b 5
­B
­z

, (3)

where u 5 (u, y , w) is the velocity vector, k is the unit vector
in the vertical direction, f is the Coriolis parameter, p is pres-
sure, t is viscous stress (both absorbing reference density r0),
b is buoyancy, and B is buoyancy flux. Horizontal viscous
stresses and buoyancy fluxes are neglected.

Applying Reynolds decomposition,

u 5 u 1 u′, p 5 p 1 p′, b 5 b 1 b′, (4)

where ( ? ) is time and zonal mean and (?)′ is a deviation from
the mean (i.e., standing and transient eddies), and neglecting
nonlinear terms and Reynolds stresses in the momentum
equation, we obtain a set of equations governing the mean
flow:
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Equation (5) describes the geostrophic and hydrostatic balan-
ces in the interior, as well as the Ekman layer dynamics at the
surface and bottom. Equation (7) describes the mean buoy-
ancy distribution (i.e., isopycnal slopes) governed by the
Eulerian mean circulation and eddy buoyancy fluxes (e.g.,
Marshall and Radko 2003).

Integrating the zonal component of Eq. (5) in the vertical,
we get

0 52

�h

2H

­p
­x

dz 1 tw 2 tb , (8)

whereH is depth, h is the surface height, and the terms on the
right-hand side from left to right are TFS, wind stress tw , and
bottom frictional drag tb . Equation (8) is the vertically inte-
grated zonal momentum balance of the ACC, dominated by
wind stress and TFS (Masich et al. 2015), the establishment
and maintenance of which we explore in this study.

b. Numerical model configuration

A zonally re-entrant channel model based on the depth-
coordinate Massachusetts Institute of Technology General
Circulation Model (MITgcm) (Marshall et al. 1997) is used in
this study. The zonal and meridional extent of the model do-
main is Lx 5 Ly 5 2000 km with a depth of 3 km. The model
is forced by a prescribed sinusoidal zonal wind stress and heat
flux at the surface (Figs. 1a,b). A 1-km-tall, 400-km-wide
Gaussian ridge is inserted in the middle of the domain
(Fig. 1c). The model horizontal resolution is 10 km in both
directions, sufficient to resolve eddies (Fig. 1d). There are
40 vertical levels with the vertical grid spacing varying from
10 m at the surface to around 200 m at bottom. Within a
100-km sponge layer at the northern boundary, temperature
is restored to a prescribed exponential profile representing
the thermocline in the ocean basin to the north (e.g., Aberna-
they et al. 2011). Salinity is ignored, and a single-variable lin-
ear equation of state is used. All lateral boundaries are set to be
free-slip. A linear drag with a coefficient r 5 1.1 3 1023 m s21

is applied at the bottom. Online diagnostics are saved as daily
averages for the first 4 months and annual averages for the en-
tire period of simulations. The model configuration is similar to
that in Abernathey et al. (2011) and Abernathey and Cessi
(2014) and has recently been used in Zhang et al. (2023), to
which the reader is referred for further details. We keep the
zonal domain extent the same as in Abernathey and Cessi
(2014) but also check that our results hold in a simulation
with a tripled zonal extent of the model domain where a
stronger deep gyre develops (not shown) (e.g., Jackson et al.
2006; Munday et al. 2015; Nadeau and Ferrari 2015; Patmore
et al. 2019). Consistent with the zonal momentum balance for

a realistic model in Masich et al. (2015), the full zonal mo-
mentum balance in our model is dominated by wind stress
and TFS (Fig. 1e).

We carry out several model experiments. To isolate the
role of the fast barotropic dynamics (i.e., no baroclinic pro-
cesses), we carry out a homogeneous experiment by setting
the temperature to a constant, 108C. The surface heat flux and
the northern boundary restoring are also disabled in this sim-
ulation, while the rest of the model configuration remains the
same. This experiment is referred to as homogeneous below,
while the reference model configuration described above is
referred to as stratified. In our study, we refer to the dynamics
(e.g., Ekman layer, surface height gradient, and barotropic
zonal flow) that can exist in the absence of stratification as
barotropic dynamics. The dynamics that intrinsically depend
on stratification (e.g., baroclinic pressure gradient, baroclinic
instability, and eddy buoyancy fluxes) are referred to as baro-
clinic dynamics. Thus, the homogeneous experiment simulates
only the barotropic dynamics, while the stratified experiment
simulates both the barotropic and baroclinic dynamics. We
also carry out experiments with increased wind stress by dou-
bling the amplitude of the wind stress (Fig. 1a) after both the
homogeneous and stratified simulations reach equilibrium.
These experiments are referred to as double-wind stratified
and double-wind homogeneous experiments below. The strat-
ified experiment is run for 100 years from rest to equilibrium.
The double-wind stratified experiment is run for 30 years after
the amplitude of wind stress is doubled. As the barotropic dy-
namics adjust on a much faster (months) time scale, the ho-
mogeneous and double-wind homogeneous experiments are
run for 10 years to equilibrium.

3. Results: Spinup from rest

In this section, we examine the spinup of the flow from rest,
in which various components of the full ACC dynamics ap-
pear and equilibrate at different stages. We identify three
stages of the flow spinup: the Ekman layer dynamics, baro-
tropic (homogeneous) flow dynamics, and baroclinic (strati-
fied) flow dynamics. The first two stages take place within the
first 1–2 months, during which the momentum balance be-
tween the wind stress at the surface and the TFS at the bot-
tom is established. During this period, the isopycnals do not
steepen enough to contribute to the overall dynamics, i.e.,
there are no significant horizontal density gradients through-
out the water column and the flow evolution in the stratified
experiment is similar to that in the homogeneous one. The
third stage, involving the stratified dynamics, starts as the iso-
pycnals steepen, and the flow begins to depart from the homo-
geneous case. This stage continues for 50–100 years until the
isopycnal steepening is balanced by the eddy-induced isopyc-
nal flattening. We further divide the stratified dynamics stage
into two substages: first, corresponding to the initial isopycnal
steepening, largely unopposed by the eddies, and second, the
final equilibrium stage, in which the eddies develop and op-
pose the isopycnal steepening. Each stage of the spinup from
rest to equilibrium is described in detail below.
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a. Stage 0: The Ekman layer dynamics

When steady zonal wind stress is applied to a motionless
fluid, it first leads to the development of the surface Ekman
layer (Fig. 2) (e.g., Pedlosky 1996). The vertically integrated
Ekman layer is described by a balance between the zonal
wind stress and the Coriolis force corresponding to the merid-
ional Ekman transport VE:

2 f VE 5 tw : (9)

Within the Ekman layer, there is a balance between fric-
tional stresses and the Coriolis force at each depth level.
Frictional stresses vanish below the Ekman layer. Thus, while
the wind stress is in fact transferred downward by frictional
stresses, the transfer is limited to the Ekman layer depth. To il-
lustrate the development of the Ekman layer in the models, a

time series of the zonally integrated (and meridionally aver-
aged) meridional transport within the Ekman layer, chosen
as the upper 100 m based on the vertical profile of velocity
(not shown), in both stratified and homogeneous simulations
is shown in Fig. 3a. Both models converge to a theoretical
Ekman transport value (for our model parameters) of 1.42 Sv
(1 Sv ; 106 m3 s21) after a few days and then oscillate around
this value. The oscillations are due to transient adjustments of
the flow to the sudden impact of wind stress at the beginning
of the simulation and decay away after about 30 days. The
decay time scale is controlled by bottom friction, as we discuss
below. The Ekman transport in the homogeneous and strati-
fied simulations is similar, and both remain steady for the rest
of the simulation. In summary, wind stress at the surface is
balanced by the Coriolis force within the Ekman layer, and
the balance is achieved in the first few days. This balance,

FIG. 1. (a) The zonal wind stress (N m22), (b) surface heat flux (Wm22), and (c) bathymetry (m) and time-mean sea surface height (m)
from the stratified simulation. (d) A snapshot of the sea surface temperature (8C) and (e) time-mean and zonally integrated zonal momen-
tum terms (m3 s22) from the stratified simulation.

J OURNAL OF PHY S I CAL OCEANOGRAPHY VOLUME 541568

Brought to you by UNIVERSITY OF TASMANIA MORRIS | Unauthenticated | Downloaded 08/05/24 05:32 AM UTC



however, leads to the meridional Ekman transport which pro-
duces an imbalance in the volume budget (continuity). Thus,
from this stage onward, the evolution of the flow is governed
by the volume budget adjustments.

b. Stage 1: Barotropic (homogeneous) dynamics

The northward Ekman transport moves water from south
to north, leading to a buildup of the meridional surface height
gradient. Changes in the zonally averaged surface height are
governed by the vertically integrated and zonally averaged
continuity equation:

­hx

­t
1

­

­y

�h

2H
y xdz 5 0: (10)

The second term in Eq. (10) includes a net meridional volume
transport which, in the absence of the return flow, consists only
of the northward Ekman transport. The buildup of the surface
height gradient continues until a southward return flow at
depth develops and compensates the surface Ekman transport,
i.e., the net meridional volume transport vanishes. The tempo-
ral evolution of the surface height in both models is shown in

Figs. 4a and 4b, and the corresponding surface height differ-
ences between two latitudes, one in the north and one in the
south, are shown as a function of time in Fig. 4e. We can see
that, in the homogeneous simulation, water quickly piles up in
the northern part of the domain and reaches a steady meridio-
nal gradient (with a north–south surface height difference of
about 5 cm) after 1 month following initial transient adjust-
ments. In the stratified simulation, the surface height evolution
is similar to that in the homogeneous simulation in the first
month or so, suggesting that the dynamics are dominated by its
barotropic component. In the following months, the sea surface
height in the stratified model continues to increase monotoni-
cally, which we explain in detail next in stage 2.

The buildup of the meridional surface height gradient is ac-
companied by a barotropic pressure gradient at all depths and
thus drives a zonal barotropic flow ubt in the interior governed
by the zonally averaged meridional geostrophic balance:

f ubt 52g
­h

­y
, (11)

where g is gravity. The dominance of the barotropic flow in this
first stage is evident in both the homogeneous and stratified

FIG. 2. A schematic illustrating the establishment of the vertically integrated zonal momentum balance of the ACC
and its adjustment to an increase in zonal wind stress in (a) meridional and (b) zonal view. Red and blue colors indi-
cate barotropic and baroclinic dynamics, respectively. The “H” and “L” stand for high and low pressure anomaly, re-
spectively. Solid lines represent the equilibrated reference case, and dashed lines indicate a response to the increased
wind stress. The wind–TFS balance is established as follows. The westerly wind stress drives the Ekman transport
which builds up the sea surface height slope and thereby the barotropic pressure gradient (and zonal flow) at depth.
The barotropic zonal flow interacts with the ridge to create the TFS through a zonal pressure gradient across the
ridge. Through geostrophy, this zonal pressure gradient drives the meridional return flow at the bottom compensating
for the Ekman transport at the surface (hence TFS balancing wind stress). Isopycnals are steepened by the wind-
driven upwelling creating a baroclinic pressure gradient which opposes the barotropic pressure gradient and hence
acts to reduce TFS and the return flow. As a result, the sea surface height slope continues to increase to compensate
for the effect of baroclinicity and maintain TFS and the return flow until baroclinic eddies develop and oppose the
wind-driven steepening through the eddy-induced isopycnal flattening. The balance between wind stress and TFS is
achieved when the volume budget (Ekman transport balanced by return flow) is closed. The isopycnal slopes are in-
sensitive to changes in wind, and hence, the fast barotropic dynamics are responsible for the adjustment of the system
to the increased wind stress.
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simulations shown with the vertical structure of zonal velocity
in Figs. 4c and 4d, where the signal in the top 100 m or so corre-
sponds to the Ekman layer in the model. The evolution of the
zonal barotropic flow is consistent with changes in the surface
height gradient and, in the first month, is similar between the
homogeneous and stratified simulations.

As soon as the zonal barotropic flow appears, it interacts
with the bottom. In a flat bottom case (not shown), it is op-
posed by the bottom frictional drag and thus leads to the for-
mation of the bottom Ekman layer, in which the southward
bottom Ekman transport brings water from north to south
(i.e., frictional return flow). In a ridge case considered here,
the zonal barotropic flow interacts with the ridge, leading to
the formation of a meander (e.g., Zhang et al. 2023). The pres-
sure difference across the ridge associated with the zonal flow
and its meander results in TFS, the magnitude of which scales
with the zonal barotropic flow (Bai et al. 2021). In response to
TFS or the pressure difference in the valley below the height
of the ridge, a meridional geostrophic flow develops, which

returns water from north to south (i.e., geostrophic return
flow), with the total volume transport VR given by

f VR 5

�2D

2H

­p
­x

dz, (12)

where D is the depth of topography and the right-hand side is
TFS.

In both simulations, the return flow (not shown) increases
rapidly reaching the value of the surface Ekman transport in the
first month or so and then remains constant throughout the sim-
ulation. Consistently, the total meridional transport (Fig. 3b),
the sum of the Ekman and return flow transports is positive at
the beginning of the simulation (thus corresponding to the sur-
face pileup in the north) in both simulations but decreases to
zero in about a month in the homogeneous simulation, and to a
small, 0.002 Sv (0.1% of the Ekman transport), residual in the
stratified simulation. The small residual in the stratified simula-
tions corresponds to a continuing gradual increase in the surface

FIG. 3. Time series of (a) the zonally integrated and meridionally averaged Ekman transport (Sv) from stratified
and homogeneous simulations. The theoretical prediction for the Ekman transport is shown by the dashed line. Time
series of (b) meridionally averaged total meridional transport (Sv) and (c) meridionally averaged TFS (N m22).
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height gradient beyond the stage 1 time period, a response dis-
cussed in stage 2 below.

Our results show that the surface and bottom stresses are
related via the total volume budget, requiring that the net me-
ridional volume transport vanishes at equilibrium. At equilib-
rium, the return flow transport at depth exactly compensates
for the Ekman transport at the surface, and hence, the wind
stress matches the TFS, which initially arises from zonal flow
interacting with the ridge and equilibrates through the return
flow. Consistent with this, the time series of TFS in Fig. 3c
shows that the vertically integrated momentum balance be-
tween the wind stress and TFS is achieved within the first
month, during which the evolution of the stratified simulation
is similar to that of the homogeneous simulation. To further
demonstrate that TFS results from the flow continuity (return
flow) rather than simply in response to wind stress at the sur-
face, we present an additional idealized experiment in the
appendix (Experiment 1), in which we force the flow with uni-
form wind stress at the surface in a doubly periodic model

domain. The results show that the flow equilibrates with zero
TFS across the ridge. In this case, the vertically integrated
zonal momentum balance is between wind stress and Coriolis
force associated with the northward Ekman transport. Given
that there is no return flow at depth in this experiment (uni-
form wind stress in a doubly periodic domain drives a uniform
northward Ekman transport), no TFS develops at the bottom.

The vertically integrated momentum balance between the
wind stress at the surface and the TFS at the bottom and the
connection to the volume budget have been previously dis-
cussed for an equilibrated ACC flow (Olbers 1998). In this
study, we reconcile this idea with the buildup of the TFS and
extend the discussion to the establishment of this balance
from rest in response to the westerly wind. In summary, the
establishment goes as follows (red solid lines in Fig. 2). The
westerly wind drives the Ekman layer with the corresponding
northward Ekman transport, which is achieved in the first few
days and remains steady for the rest of the simulation. The
northward Ekman transport is initially unbalanced in the

FIG. 4. Evolution of the zonally averaged sea surface height (m) from (a) homogeneous and (b) stratified simula-
tion. Evolution of the zonally averaged zonal velocity (m s21) profile at y5 (1/2)Ly in (c) homogeneous simulation
and (d) stratified simulation. (e) Time series of the sea surface height difference (m) between y 5 1600 km and
y5 400 km, marked by dashed lines in (a) and (b).
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volume budget sense and leads to an increase in surface
height in the north. The resulting meridional surface height
gradient creates a barotropic pressure gradient throughout
the water column and thus drives a zonal barotropic flow,
which increases with the surface height gradient. The zonal
barotropic flow at the bottom interacts with the ridge to pro-
duce the TFS, i.e., a zonal pressure gradient across the ridge/
valley, the magnitude of which increases with the magnitude
of the zonal barotropic flow (and hence with the surface
height gradient). The zonal pressure gradient in the valley
corresponds to a return flow that opposes the Ekman trans-
port at the surface. Thus, the surface height in the north con-
tinues piling up until the return flow at depth spins up and
matches the Ekman transport at the surface. When the south-
ward return flow compensates for the northward Ekman
transport, TFS at the bottom equilibrates and matches wind
stress at the surface. A characteristic time scale of the baro-
tropic (homogeneous) dynamics in stage 1 is controlled by
bottom friction (Bai et al. 2021) and also damps initial tran-
sient oscillations. A spindown time scale of the barotropic
flow by bottom friction is given byHr21, whereH is the ocean
depth and r is a linear bottom friction coefficient. Substituting
the model parameters from section 2, the time scale is approx-
imately 30 days, which is consistent with the adjustment time
scale of 1 month seen in stage 1.

c. Stage 2: Baroclinic (stratified) dynamics

The surface Ekman transport and associated return flow at
depth generated in stage 1 are connected through downwel-
ling in the north and upwelling in the south, thus forming the
wind-driven overturning cell (red arrows in Fig. 2a), also
known as the Deacon cell (Döös and Webb 1994). The wind-
driven overturning circulation steepens the isopycnals by rear-
ranging buoyancy in the system}it transports buoyancy (or
heat) away from Antarctica}thereby modifying the meridio-
nal pressure gradient, and hence the zonal baroclinic flow, in
the interior (blue solid lines in Fig. 2). As we show below, the
modification of the pressure gradients by the baroclinic dy-
namics is compensated by the barotropic dynamics in order to
maintain the TFS at the bottom. The transient adjustment
continues until the wind-driven overturning circulation is bal-
anced by the eddy-induced overturning circulation, and the
buoyancy and volume budgets are closed.

1) STAGE 2A: ISOPYCNAL STEEPENING

The isopycnal steepening is a much slower process than the
barotropic adjustments in stage 1 because vertical velocity mag-
nitudes are small. For instance, for a typical vertical velocity of
1026 m s21, characteristic of the Ekman-driven upwelling, it
takes about 3 years to lift the isopycnals by 100 m. Although
isopycnals begin to steepen as soon as the surface Ekman
transport and return flow appear, the corresponding horizontal
density gradients are weak and do not contribute significantly
for the first 1–2 months. While small, this isopycnal steepening
explains minor differences between the stratified and homoge-
neous simulations seen during the first 1–2 months in stage 1,
with the overall dynamics still dominated by the barotropic

dynamics. This can be further seen in the time evolution of the
barotropic and baroclinic zonal transports (Fig. 5a) where the
barotropic transport is computed from the bottom velocity.
The total zonal transport is dominated by its barotropic compo-
nent in the first 1–2 months, while the baroclinic transport (due
to density gradients) catches up and dominates afterward.

The isopycnal steepening in stage 2a (Fig. 6) generates a
baroclinic pressure gradient due to density variations at
depth, which opposes the barotropic pressure gradient estab-
lished in stage 1. This is a result of dense fluid accumulating
below the low surface height in the south and light fluid accu-
mulating below the high surface height in the north. Thus,
the isopycnal steepening acts to reduce the meridional pres-
sure gradient near the bottom established by the barotropic
dynamics in stage 1, and therefore, it acts to reduce the return
flow. A slight reduction of the return flow by the baroclinicity
(Fig. 3a) creates an imbalance in the total meridional volume
transport, leading to a continuing buildup of the surface height
gradient in stage 2a seen in Fig. 4b. This increase in the sur-
face height gradient is governed by the same rapid baro-
tropic dynamics from stage 1. The surface steepening continues
throughout stage 2 to maintain the return flow (and hence
TFS) at depth against the tendency for slow isopycnal steep-
ening to reduce the deep pressure gradients that drive the
return flow and TFS}i.e., the barotropic flow adjusts to
compensate for the effect of baroclinicity. Despite major
changes in the baroclinic part of the flow (e.g., isopycnal
steepening and transient eddy generation), TFS remains
steady for the entire period of the simulation following stage 1
(Fig. 3c).

The baroclinic pressure gradient varies with depth and leads
to a vertically varying zonal geostrophic flow ubc governed by
the zonally averaged meridional momentum (thermal wind)
balance:

f
­ubc

­z
52

­b
­y

: (13)

The sheared zonal flow keeps accelerating as isopycnals are
steepening (Fig. 4d), also shown by a continuing baroclinic
transport increase in Fig. 5. Steady (linear) acceleration of the
baroclinic flow lasts for about 6 years, corresponding to iso-
pycnal uplift of a few hundred meters (Fig. 6), after which
transient eddies are generated and the acceleration slows
down, as discussed in the next section. At this stage, baroclinic
transient eddies only start to develop and are characterized
by weak vertical EP fluxes in the interior (Fig. 7d). We com-
pute the vertical component of the cross-stream EP flux «z fol-
lowing Thompson and Naveira Garabato (2014) as

«z 5
f
uz

u′Hu
′ ? n⊥, (14)

where u is temperature, uH 5 (u, y) is the horizontal velocity
vector, n⊥ is the unit vector perpendicular to mean SSH con-
tours, overbar represents time averages, and primed quanti-
ties are deviations from the time averages. Acceleration and
deceleration of the along-stream mean flow by eddies occur at
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depths of convergence and divergence of the EP flux, respec-
tively (Thompson and Naveira Garabato 2014).

2) STAGE 2B: EQUILIBRATION BY EDDIES

When the isopycnals are steep enough for baroclinic insta-
bility to occur, after roughly 6 years in our model, transient
eddies are generated from the instability of the vertically
sheared zonal geostrophic flow (e.g., Vallis 2019). Transient

eddies transfer buoyancy southward. As a result, transient ed-
dies tend to flatten the isopycnals and hence oppose the wind-
driven isopycnal steepening, which dominates in stage 2a. The
mean ACC isopycnals are governed by Eq. (7), which can be
written in the following form (Marshall and Radko 2003):

J(C 1 C∗, b) 5­B
­z

, (15)

where J is a Jacobian operator, representing advection in the
meridional and vertical plane; C is the mean streamfunction,
representing the wind-driven overturning circulation; and C∗

is the eddy-induced overturning streamfunction given by

C∗ 5
y ′b′
N 2 , (16)

where N is stratification. Thus, the buoyancy distribution is
governed by the wind-driven overturning circulation steepen-
ing isopycnals, eddy-induced overturning circulation flattening
isopycnals, and diabatic transformations balancing the total
(residual) overturning circulation (e.g., Abernathey et al. 2011;
Youngs and Flierl 2023) in the interior and/or at the surface.

In the limit of a weak residual circulation (i.e., weak diabatic
transformations), the isopycnals equilibrate when

J(C 1 C∗, b) ’ 0, (17)

implying that the eddy-induced overturning circulation can-
cels the wind-driven overturning circulation. In other words,

FIG. 6. Zonally averaged isotherms (8C) from the stratified simula-
tion illustrating stage 0, stage 1, and stage 2a isopycnal slopes.

FIG. 5. Time series of the total, barotropic, and baroclinic zonal transports (Sv) upstream of the ridge for (a) the first
4 months and (b) the entire 100-yr period of the stratified (solid) and double-wind stratified (dashed) simulations.
Year 6 is marked as a black dashed line.
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eddies (via eddy buoyancy fluxes) transport buoyancy to the
south at the same rate as the wind (via Ekman transport and
wind-driven upwelling) transports it to the north. In our strati-
fied simulation, the onset of baroclinic instability is reflected
by a reduction of baroclinic transport acceleration at around
year 6 in Fig. 5b. Around this time, transient eddies appear
and start to oppose the isopycnal steepening, thus hindering
a further increase of the baroclinic pressure gradient. The
time series of vertically and zonally integrated heat transport
components evaluated at midlatitude (Fig. 8) demonstrates
the equilibration of the heat (buoyancy) budget of the region
south of this latitude; when the total heat transport equals the
integrated surface heat flux, the heat budget is equilibrated.
While, in the first 10–20 years, the eddy heat transport is weak
and the total ocean heat transport is dominated by the north-
ward Ekman component, the eddy heat transport develops
and eventually opposes the Ekman heat transport. The heat
transport in the Ekman layer reduces with time as a result of
surface temperature changes as the model equilibrates. The
total ocean heat transport, the sum of the mean and eddy heat
transport components, approaches the value of the integrated
surface heat flux, hence closing the total heat (buoyancy) bud-
get at around year 80 of the simulation. The equatorward total
heat transport at the beginning of the simulation results from
the unbalanced equatorward heat (buoyancy) transport by the
wind-driven circulation (i.e., isopycnal steepening in stage 2a),

which is then compensated by the poleward heat (buoyancy)
flux due to transient eddies at the end of the simulation, mark-
ing a closure of the buoyancy budget and complete equilibra-
tion of the flow.

During the adjustment of the buoyancy budget by the
wind-driven and eddy-induced overturning circulation, iso-
pycnal slopes are changing, redistributing buoyancy in the me-
ridional direction and hence zonal geostrophic (thermal wind)
shear in the vertical. In particular, the role of transient eddies
in this adjustment is to flatten the isopycnals via poleward
eddy buoyancy fluxes, corresponding to a reduction of the
geostrophic (thermal wind) shear by the downward eddy mo-
mentum (EP flux) transfer. This is equivalent to the upward
(downward) transfer of westward (eastward) momentum in
density coordinates described in Ward and Hogg (2011). The
EP flux concentrates within the meander region downstream
of the ridge, where it transfers eastward zonal momentum
downward (Fig. 7). A horizontally averaged profile of EP flux
corresponds to mean flow deceleration (EP flux divergence)
at the surface and acceleration (EP flux convergence) at
depth, thus redistributing the zonal geostrophic momentum in
the vertical. Throughout this adjustment of the stratified dy-
namics (stage 2), the wind–TFS balance remains unchanged.
To maintain the return flow, and thereby TFS, in the presence
of the opposing baroclinic pressure gradient at depth, the me-
ridional surface height gradient keeps increasing throughout

FIG. 7. Time-averaged and cross-stream-averaged vertical component of EP flux (m2 s22) for (a) stage 2a, (b) stage 2b,
(c) double-wind experiment, and (d) zonally averaged EP flux in (a)–(c). EP flux values in the upper 300 m affected by
weak stratification within the mixed layer are not plotted.
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the entire simulation, reaching a north–south surface height
difference of up to 1 m (Fig. 9). To further support the argu-
ment that the eddy momentum stresses (EP flux) redistribute
geostrophic shear in the interior rather than transfer wind
stress from the surface to the TFS at the bottom, we present
an additional idealized simulation (Experiment 2) in the
appendix. In this simulation, we add interior temperature re-
storing to the simulation with the doubly periodic domain
forced by uniform wind stress at the surface (Experiment 1 in
the appendix) to steepen the isopycnals and generate baroclinic

eddies. As in Experiment 1, there is no return flow, and despite
the existence of a vigorous baroclinic eddy field that transfers
momentum downward in the interior through EP fluxes, TFS
across the ridge does not develop.

The time scale characterizing the adjustment of the baro-
clinic (stratified) dynamics (stage 2) is controlled by transient
eddies. Allison et al. (2011) discussed a time scale of the ther-
mocline depth adjustment by eddies given by L2

yK
21
GM, where

Ly is the meridional extent of the domain and KGM is Gent–
McWilliams eddy diffusivity (Gent and Mcwilliams 1990).

FIG. 8. Time series of heat budget components (TW) for a region south of midlatitude (y5 1000 km) for the strati-
fied (solid) and double-wind stratified (dashed) simulations. The surface component of the heat budget is computed
as an area integral of the surface heat flux south of the midlatitude and plotted with a minus to match the total ocean
heat flux.

FIG. 9. (a) Evolution of the zonally averaged sea surface height (m) in the stratified simulation. (b) Time series of the
sea surface height difference (m) between y5 1600 km and y5 400 km, marked by dashed lines in (a).

Z HANG E T A L . 1575AUGUST 2024

Brought to you by UNIVERSITY OF TASMANIA MORRIS | Unauthenticated | Downloaded 08/05/24 05:32 AM UTC



This scaling represents a baroclinic flow spindown by eddies
(analogous to the barotropic flow spindown by bottom fric-
tion in stage 1), i.e., it is the time that it would take the eddies
to flux buoyancy across the domain meridionally (hence flat-
ten the isopycnals) in the absence of wind. Taking a typical
value KGM 5 500 m2 s21 (e.g., Marshall and Radko 2003), the
time scale for the stage 2 equilibration is around 60 years, con-
sistent with the flow equilibration time scale seen in the strati-
fied simulation.

4. Results: Doubling of the wind

In this section, we explore the response of the full dynamics
to changes in wind. We double the amplitude of the wind
stress in our stratified simulation after 100 years when the sim-
ulation is equilibrated. We show below that the barotropic
dynamics are again responsible for the adjustment of the mo-
mentum balance in response to changes in the wind. We first
illustrate that the baroclinic dynamics, i.e., isopycnal slopes
and thus the baroclinic ACC transport, are saturated, and
hence, there is no readjustment of the baroclinic pressure gra-
dient at depth in response to wind that would need to be reba-
lanced by the barotropic dynamics (stage 2 above). Therefore,
it is only the stage 1 processes that need to operate to adjust
the return flow to balance the doubled Ekman transport and
hence establish TFS to match the doubled wind stress (dashed
lines in Fig. 2).

Consistent with previous studies (e.g., Straub 1993; Munday
et al. 2013), the baroclinic transport component is insensitive
to the increased wind in the stratified simulation (Fig. 5b). Av-
eraging transports in both stratified and double-wind stratified
experiments over the last 20 years shows that the increase in
total transport is due to an increase in the barotropic trans-
port (4 Sv, or about 100%, increase), while the baroclinic
transport shows only a 0.2% change (around 0.1 Sv). Corre-
spondingly, the isopycnal slopes in the double-wind stratified
experiment do not show a noticeable change in response to
the wind change (Fig. 10), implying that there is little rear-
rangement of buoyancy in the ocean interior in response to
the wind change.

On the other hand, the results show that there is a fast re-
sponse to the wind in the surface height gradient and TFS at
the bottom, maintained by the barotropic dynamics (stage 1).
In response to the doubling of wind stress, the northward
Ekman transport doubles, therefore piling up more water in
the north, until it is compensated by the return flow. The evo-
lution of the zonally averaged sea surface height (Fig. 11a)
shows a fairly steady surface height. However, from stage 2
above, it should be noted that at equilibrium, most of the sea
surface height gradient (over 90%) compensates for the baro-
clinicity: only about 5 cm of the sea surface height difference
created during stage 1 is needed to drive the return flow. In
agreement, the difference between the northern and southern
latitudes in Fig. 11b shows some transient adjustments in the
first month, as in stage 1 above, followed by a few centimeter
increase in the surface height difference, a change needed to
adjust the return flow to changes in the wind. The evolution
of the surface height slope in response to the doubling of the

wind is similar in terms of amplitude, phase, and frequency to
that in Fig. 4b implying that the response is dominated by the
barotropic dynamics.

To confirm that the readjustment of the stratified flow to a
doubling of the wind is governed by the barotropic dynamics,
we compare the response of the stratified and homogeneous
simulations to wind, as before. We compare the evolution of
the total meridional transport and TFS between the double-
wind stratified and double-wind homogeneous experiments
(Fig. 12). The results show that both simulations are charac-
terized by an initial imbalance in the total meridional trans-
port, corresponding to a surface height buildup of a few
centimeters. As opposed to the adjustments during the spinup
of the flow, the total meridional transport in the double-wind
stratified simulation nearly vanishes after 1 month (residual of
8 3 1024 Sv) because the isopycnals are insensitive to wind,
and hence, the mean and eddy heat fluxes remain balanced
(Fig. 8b). Consistent with the eddy heat fluxes, the eddy mo-
mentum stresses (EP flux), redistributing the zonal geo-
strophic shear in the vertical, double in response to the
doubling of the winds (Fig. 7). TFS evolves on a similar time
scale to the return flow and also adjusts in a month (Fig. 12).
Overall, the adjustment and re-equilibration are similar in the
double-wind stratified and double-wind homogeneous simula-
tions, confirming that the stratified ACC flow with eddies re-
adjusts to changes in wind via the barotropic dynamics. In
summary, our results show that the barotropic dynamics not
only establish the vertically integrated zonal momentum bal-
ance between wind stress and TFS but also maintain it in re-
sponse to changes in wind.

5. Summary and discussion

The vertically integrated zonal momentum balance of the
ACC is dominated by wind stress at the surface and TFS at
the bottom. We investigate the dynamics governing the wind
stress–TFS balance of the ACC and evaluate the role of

FIG. 10. Zonally averaged and time-averaged isotherms (8C)
illustrating isopycnal slopes at equilibrium for both the reference
and doubling wind experiments.
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barotropic (homogeneous) and baroclinic (stratified) dynam-
ics during the spinup of the ACC and its response to wind.
We find that the balance is maintained by the barotropic
dynamics}i.e., Ekman layer, surface height gradient, and zonal
barotropic flow}and holds with or without eddies.

The establishment of the wind–TFS balance is achieved in
stages as follows. In stage 0 (within the first few days), the
westerly wind sets the northward surface Ekman transport. In
stage 1 (during the first month), the Ekman transport piles up
water in the north, thus generating a meridional sea surface
height gradient and a corresponding barotropic meridional
pressure gradient at depth. The barotropic pressure gradient
drives the zonal barotropic flow, which interacts with the ridge
and produces the TFS, i.e., the zonal pressure difference
across the ridge. A meridional geostrophic flow (return flow)
balanced by TFS compensates for the Ekman transport at the
surface, thus slowing and eventually stopping the increase in
the surface height gradient leading to the equilibration of the
TFS. In this stage, the volume budget is central to the estab-
lishment of the vertically integrated zonal momentum balance
between wind stress and TFS: the two stresses balance meridi-
onal flows at the surface and at depth and are linked by flow
continuity rather than the transfer of momentum by stresses
throughout the interior. In stage 2 (the following 80 years or
so after stage 1), the wind-driven upwelling steepens isopyc-
nals, thereby generating a baroclinic pressure gradient that
opposes the barotropic pressure gradient established by the
surface height, and thus acts to reduce the return flow. An im-
balance between the Ekman transport and return flow at

depth, caused by the baroclinicity, leads to a further increase
in the sea surface height gradient, maintaining the zonal baro-
tropic flow and thereby TFS. This adjustment, in which the
barotropic dynamics compensate for baroclinicity, continues
until the wind-driven isopycnal steepening is balanced by the
eddy-induced isopycnal flattening. As a result of the eddy-
driven isopycnal flattening, there is a vertical redistribution of
the geostrophic (thermal wind) shear in the interior by eddies
(hence downward EP flux). Our results show that the verti-
cally integrated momentum balance between wind stress and
TFS is achieved during the first month (stage 1) and then
maintained during the adjustment of the baroclinic structure
(stage 2) to equilibrium by the barotropic dynamics.

Our results are generally consistent with previous studies
(Johnson and Bryden 1989; Ward and Hogg 2011; Howard
et al. 2015; Thompson and Naveira Garabato 2014) in their in-
terpretation of transient baroclinic eddies as transferring the
zonal momentum downward throughout the ocean interior
via interfacial form stresses (EP flux). This eddy momentum
transfer is associated with the redistribution of the zonal geo-
strophic (thermal wind) shear associated with the sloping iso-
pycnals in the interior and, within the context of the local
dynamics framework of Thompson and Naveira Garabato
(2014), leads to the barotropization of the ACC in the mean-
der regions. However, our results differ from the interpreta-
tion by previous studies (e.g., Johnson and Bryden 1989;
Ward and Hogg 2011; Howard et al. 2015) that baroclinic ed-
dies transfer the wind stress from the surface downward to
TFS at the bottom. We show that TFS at the bottom is

FIG. 11. (a) Evolution of the zonally averaged sea surface height (m) for the first 4 months after doubling the wind.
(b) Sea surface height difference (m) between the latitudes marked with dashed lines in (a) in the stratified
simulation.
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established by barotropic dynamics prior to and independent
of the eddy momentum stresses in the interior. Only in the
limit of vanishing residual overturning circulation does the
rate at which the eddies act to reduce the thermal wind shear
by the isopycnal flattening match the rate at which wind gen-
erates the thermal wind shear by wind-driven isopycnal steep-
ening in the interior, and hence, EP flux matches wind stress
and TFS. However, we show that 1) this adjustment of the iso-
pycnals occurs when the wind–TFS balance is already estab-
lished and 2) wind stress at the surface and eddies (EP flux) in
the interior alone produce no TFS across the ridge unless
there is a return flow at depth required by the barotropic
(homogeneous) dynamics.

The importance of barotropic dynamics for the ACC mean-
ders has been highlighted in recent studies (e.g., Stewart and
Hogg 2017; Youngs et al. 2017; Constantinou and Hogg 2019).
A fast response of the wind–TFS balance of the ACC to wind
similar to that described here has previously been observed in
both a Southern Ocean model (5 days; Masich et al. 2015) and
a global coarse-resolution ocean model (1 month; Webb
and de Cuevas 2007). A high correlation has also been re-
ported between time series of bottom speed, standing meander
curvature, and eddy buoyancy fluxes (Thompson and Naveira
Garabato 2014), suggesting barotropic dynamics enable a rapid
response of eddy heat fluxes across the ACC to wind perturba-
tions. Previous studies have shown that the eddy heat fluxes
are enhanced in regions of standing meanders of the ACC
(Abernathey and Cessi 2014; Thompson and Naveira Garabato
2014; Foppert et al. 2017). Abernathey and Cessi (2014)

propose a mechanism in which, as standing meanders flex, they
increase the local buoyancy gradient, as well as the length of
the buoyancy contours, across which eddies carry heat,
thereby facilitating the cross-stream heat transport accom-
plished by transient eddies. In turn, consistent with the re-
sults presented here, Zhang et al. (2023) argue that the
meander flexing (i.e., changes in its amplitude and curvature)
is driven by the bottom (barotropic) flow, which is sensitive
to the wind. Combined with the enhancement of eddy fluxes
by the meanders (Abernathey and Cessi 2014), the depen-
dence of the meander curvature on the barotropic flow com-
ponent (Zhang et al. 2023) offers an explanation for the
rapid response of the eddy heat fluxes to the wind. Further
evidence for the primary role of meanders and barotropic ad-
justment comes from Kong and Jansen (2022), who report
that in flat-bottomed models (without meanders), the resid-
ual overturning circulation initially increases with the wind
and then is restored by eddies after several decades, while in
models with meanders, the residual overturning circulation
remains insensitive to the wind, implying a rapid response in
eddy buoyancy fluxes.
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FIG. 12. Time series of (a) meridionally averaged total meridional transport (Sv) and (b) meridionally averaged TFS
(N m22) for the first 4 months following doubling of the wind.
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APPENDIX

Idealized Simulations with Wind Stress and No TFS

We present results from two additional idealized experi-
ments to further show that the wind–TFS balance is controlled
by barotropic dynamics. Specifically, the results demonstrate
that TFS across the ridge does not develop, regardless of the
absence or presence of transient baroclinic eddies, if there is
no return flow at depth.

Experiment 1: A doubly periodic domain on an f plane
with a meridional ridge in the middle of the domain. The
model is forced by a spatially uniform zonal wind stress of
0.1 N m22 at the surface. The flow is stratified with a linear
vertical temperature distribution changing from 08C above
the ridge to 88C at the surface. No surface heat flux and
temperature restoring in the northern sponge layer is ap-
plied. Other model parameters are the same as in the main
experiments described in the methods section. The simula-
tion quickly equilibrates with the surface Ekman layer dy-
namics and no circulation below it (Fig. A1). The wind

stress is balanced within the Ekman layer (and also over
the entire depth) by the Coriolis force associated with the
meridional Ekman transport. Given that the domain is peri-
odic in the meridional direction, the Ekman transport is un-
bounded, and thus, there is no return flow at depth}hence,
there is no TFS at the ridge. The flow is stratified, but the
isopycnals remain flat throughout the whole simulation, i.e.,
no baroclinic eddies develop. While the wind stress is ap-
plied at the surface, TFS is not required at the bottom to
achieve a balanced state.

Experiment 2: The same simulation as above but now with
the temperature restoring to a meridionally periodic distribu-
tion in the interior, which leads to the steepening of isopycnals
from their flat distribution in Experiment 1 and the generation
of transient baroclinic eddies. At equilibrium, the eddies are
fully developed, yet there is no TFS at the bottom and the
time-averaged zonal momentum balance remains the same as
in Experiment 1 (Fig. A2). While the transient baroclinic ed-
dies are present in this simulation and are characterized by the
downward eddy momentum stresses (EP flux) in the interior,
they do not transfer wind stress from the surface through to
the bottom for it to be balanced by TFS. At equilibrium, there
are two opposing thermal wind-driven jets and a fully devel-
oped eddy field, and yet there is still no large-scale TFS bal-
ancing the uniform wind stress at the surface.

FIG. A1. Experiment 1 results. (a) Time series of the volume integrated zonal momentum balance terms (m4 s22).
Vertical profiles of the time-mean horizontally integrated zonal momentum balance terms (m3 s22) in (b) upper
120 m and (c) entire ocean depth below 120 m.
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